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ABSTRACT

The Earth is thought to have multiple stable, steady-states regarding climate modes and atmospheric
oxygen levels. The Paleoproterozoic is a remarkable period in Earth’s history because of the simultaneous
occurrence of large climatic and redox transitions between steady states; i.e., snowball Earth glaciation
and the rise of oxygen. Geochemical evidence suggests that the oxygen rise was a dynamic transition
with an extensive, long-term overshoot. However, previous models have not explained the dynamics of
the oxygen rise, leaving its causal mechanism poorly understood. In the present study, we suggest that
the oxygen transition with an overshoot occurred in response to a climatic transition at the termination
of the snowball glaciation. Biogeochemical cycle modelling indicates that prolonged super-greenhouse
conditions and effective nutrient input to the ocean after the glaciation lead to high levels of primary
productivity and burial of organic carbon. This causes an abrupt jump of oxygen levels within ~10* yr
after the glaciation and an extensive oxygen overshoot to the present atmospheric level. The overshoot
persists for ~10% yr because net consumption of oxygen in the atmosphere-ocean system is inefficient.
We show that the post-glacial jump of oxygen levels occurred in biologically short timescale, which
may have stimulated the ecological shift and/or biological innovations toward the prosperity of oxygen-

dependent life.

© 2015 Elsevier B.V. All rights reserved.

1. Introduction

Multiple lines of geological and geochemical evidence indi-
cate that the oxygen (O) levels in Earth’s atmosphere-ocean
system shifted markedly and irreversibly from anoxic (<10~
of the Present Atmospheric Level, PAL) (Farquhar et al., 2007;
Pavlov and Kasting, 2002) to oxic (~10~2 PAL) (Rye and Holland,
1998) during the Paleoproterozoic, i.e., 2.45-2.2 billion years ago
(Ga) (although, the recent study suggests that the O, levels would
have been as low as 103 PAL in the Mesoproterozoic; Planavsky
et al, 2014). Previous studies propose that the drastic shift in
Earth’s redox state can be interpreted as a jump from low to
high steady states of atmospheric O, levels (Claire et al., 2006;
Goldblatt et al., 2006). Such an event-like unidirectional jump in
0, levels might have been triggered simply by an increase in oxy-
gen input from the biosphere (Goldblatt et al., 2006) or by a de-
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crease in reductant input from Earth’s interior (Claire et al., 2006;
Gaillard et al., 2011; Goldblatt et al., 2006). However, recent geo-
chemical data, e.g., the global deposition of sulfate minerals at
2.2-2.1 Ga (Bekker and Holland, 2012; Schréder et al., 2008) and
the geochemical evidence of the global deep-water oxygenation
in 2.1 Ga reported from in the Francevillian Group, the Republic
of Gabon (Canfield et al., 2013), suggest that the oxidation would
have been a dynamic transition of O, levels accompanying an in-
tense overshoot lasting for ~10% yr, which is termed the Great
Oxygen Transition (GOT) (Lyons et al.,, 2014). The O; levels might
have reached around 0.1-1 PAL during this period (Bekker and
Holland, 2012; Lyons et al., 2014). Such dynamic behavior of the
GOT cannot be explained solely by the event-like O, jump pro-
posed by previous studies (Claire et al., 2006; Gaillard et al., 2011;
Goldblatt et al., 2006); instead, it appears to require strong oxida-
tive forcing.

We propose here that deglaciation after the Paleoproterozoic
snowball glaciation at 2.2 Ga (Evans et al.,, 1997; Kirschvink et al.,
2000) triggered the GOT. Previous studies suggest that a long-term
shutdown of atmosphere-ocean interactions during the snowball
glaciation resulted in the accumulation of volcanic carbon dioxide
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(COy2) in the atmosphere. Theoretical models show that the buildup
of CO, to a level of ~0.7 atm at 2.2 Ga eventually caused a cli-
mate jump to an ice-free greenhouse state (Caldeira and Kasting,
1992; Tajika, 2003). Such a greenhouse climate during deglaciation
should have induced a strong perturbation of the biogeochemical
cycle.

The near-simultaneous occurrence of the snowball glaciation
and the rise of oxygen suggest a close relationship between these
two events (Claire et al., 2006; Kirschvink et al., 2000; Kopp
et al, 2005; Lyons et al, 2014). Some geological studies sug-
gest that the oxygenation was caused by the snowball glaciation
(Kirschvink et al., 2000; Kopp et al.,, 2005). In the Transvaal Su-
pergroup, South Africa, a massive deposition of manganese-iron
oxides is found directly above a low-latitude glacial diamictites,
which implies that the rise of O, might have occurred after the
glaciation (Kirschvink et al., 2000; Kopp et al., 2005). The evidence
of the deposition of sulfate minerals found above the manganese
and iron formation (Schroder et al., 2008) suggests that the O;
rise after the snowball glaciation was a massive and long-lasting
event. However, temporal variations in the oxygenation and the
achieved O, levels are poorly quantified. Quantification of the dy-
namics of the O, rise after the snowball glaciation and its compar-
ison with geological records during the GOT are critical to under-
stand the linkage between the Paleoproterozoic snowball glacia-
tion and the GOT. In addition, knowledge on the timescales and
magnitude of the environmental oxygenation is important because
they would have determined the biological evolution or ecological
shift that occurred in the Paleoproterozoic (El Albani et al., 2010;
Payne et al., 2009).

In this study, we aim to discuss the linkage between the Pa-
leoproterozoic snowball glaciation and the GOT. Using a biogeo-
chemical cycle model, we examine biogeochemical responses in
the atmosphere-ocean system to a climate jump at the termina-
tion of the snowball glaciation, and quantify the timescales and
magnitude of the O; rise after the glaciation. In the next section
(Section 2), we describe our numerical model, especially the parts
that are essential and original in this study. Full model descriptions
are in the Supplementary Materials. We then show the numerical
results (Section 3), compare the results with geological records and
discuss its implications for early life evolution (Section 4). Finally,
we summarize this study (Section 5).

2. Methods
2.1. Model description and experimental design

Our model simulates the time evolution of climate, biogeo-
chemical processes, and redox conditions in the atmosphere-
ocean system after the snowball glaciation. The model consists of
three boxes: atmosphere, surface ocean, and deep ocean (Fig. 1),
where the abundances of gaseous molecules, such as CO;, O,
and CHg and/or dissolved species including dissolved inorganic
carbon (DIC), alkalinity, phosphorous (PO4), O,, and calcium
jon (Ca®*) are calculated. These boxes exchange key elements
through atmosphere-ocean interactions, biogeochemical reactions
and ocean circulations. Removal of elements from the atmosphere-
ocean system occurs through carbonate precipitation and organic
carbon burial in the oceans as well as Hy escape from the at-
mosphere to space, whereas supplies of elements take place via
chemical weathering of the continents, reductant input and vol-
canic degassing from mantle (Fig. 1). Surface temperatures are
calculated from atmospheric CO; concentration, which is obtained
from the results from a radiative-convective climate model of
Kasting and Ackerman (1986).

In the surface ocean, photosynthesis produces organic carbon,
which is in turn exported to the deep ocean. In the deep ocean,
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Fig. 1. Diagram of the biogeochemical cycle model. Atmosphere-ocean system are
represented by three boxes i.e., atmosphere, surface ocean, and deep ocean. Arrows
express exchange of key elements between boxes, as well as external inputs to and
outputs from the atmosphere-ocean system. The equations concerning each flux are
described in Section 2 and Supplementary Materials.

most of exported organic carbon is decomposed through aero-
bic respiration and methanogenesis. In the atmosphere, CH4 pro-
duced by methanogenesis is finally oxidized by O,, forming CO,.
Thus, the net production rate of O, in the atmosphere-ocean
system corresponds to the rate of organic carbon burial in the
ocean. We consider that the rate of organic carbon burial is pro-
portional to the rate of export production and that the rate of
export production is expressed as a function of phosphorus con-
centrations in the surface ocean (Yamanaka and Tajika, 1996) (also
see Section 2.3). Phosphorus riverine input is considered to be
proportional to the rate of chemical weathering of silicate and
carbonate minerals in the continents (see Section 2.2). Accord-
ingly, the biological production rate of O, is strongly affected by
surface temperature. Indeed, it has been widely accepted that
there are linkages in the Earth’s system between global warm-
ing, an enhancement of nutrient supply via continental weathering,
and an increase in oceanic biological productivity (e.g., oceanic
anoxic events in the Phanerozoic) (e.g., Jenkyns, 2010). In our
model, the chemical weathering rate is described as functions of
both partial pressure of CO, and surface temperature, multiplied
by the factor representing weathering efficiency (Berner, 1991;
Tajika, 2003) (also see Section 2.2). The biological production of
CHy4 occurs through decomposition of organic matter by methano-
genesis.

Regarding the initial conditions, we set 0.7 atm of atmospheric
CO, given that this level is required to end the snowball glaciation
in the Paleoproterozoic (Tajika, 2003). Then, we explore the time
evolution of each component in the atmosphere-ocean system af-
ter the snowball deglaciation. In sensitivity tests, we varied initial
conditions, such as the atmospheric CO,, oceanic phosphorus con-
centration and alkalinity, the parameters of weathering efficiency
and phosphorous cycles in the oceans (Fig. 1 and Figs. S1-S5) (see
Supplementary Materials for more details on the sensitivity tests).
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Table 1
Mass balance equations, and their symbols and descriptions.

Symbol Description Mass balance equation
(mol/yr)
Cas Inorganic carbon in the atmosphere and surface ocean dﬁ% = Fyc + Fwo_c + Fesc_ + Foxi_m + Fwe — Fpc — Fpo_c + Feir_c
Cp Inorganic carbon in the deep ocean % = Fgc + Fagp_c — Feir_c
Ops Oxygen (0O7) in the atmosphere and surface ocean dg% =Fpo_0 — Fwo_o — Foxi_o — Fesc_n + Feir_o
Op 0, in the deep ocean % =—Fcir_o — Fagn_o
Mas Methane (CHy4) in the atmosphere and surface ocean ‘"‘;% = Fags_m + Fagp_m + Fwo_m — Foxi_m — Fesc_H
Cag Calcium ions (Ca2t) in the surface ocean % = Fwe + Fws — Fpc + Feir_ca
Cap Calcium ions in the deep ocean % = Fgc — Feir_ca
Ps Phosphorus ions (PO4) in the surface ocean % = Frp — Fpo_p + Feir_p
Pp Phosphorus ions in the deep ocean ddL[D =Fagp_p — Fair_p
Alks Alkalinity in the surface ocean % =2 x (Fwe + Fws — Fpc + Fcir_ca)
Alkp Alkalinity in the deep ocean d"d# =2 X (Fgc — Feir_ca)
Table 2
Symbols that are used to express fluxes between the boxes.
Symbol Description
Fye volcanic degassing flux of CO,
Fred reductant (Fe2*) input (= anoxygenic photosynthesis rate)
Fue weathering of carbonate rocks
Fus weathering of silicate rocks
Frp phosphorus river input
Fwo amount organic carbon expose on land
Fwo_m CH4 produced by weathering of terrestrial organic matter
Fwo_c CO, produced by weathering of terrestrial organic matter
Fwo_o 0, consumed by weathering of terrestrial organic matter
Fpp net primary production
Fpo_p phosphorus uptake by export production
Fpo export production
Foph oxygenic photosynthesis
Fags_m CH4 production by decomposition of particulate organic matter in the surface water
Fagp_m CH4 production by decomposition of particulate organic matter in the deep water
Fpo_c net removal rate of inorganic carbon from the surface ocean due to the export production
Fagp_c CO; production by decomposition of particulate organic matter in the deep water
Fpo_o net production rate of O, by export production
Fagp_o 0, consumption by decomposition of particulate organic matter in the deep water
Fagp_p phosphorus recycling in the deep ocean
Fpo burial of organic carbon
Fpe precipitation of carbonate carbon
Fyc dissolution of carbonate carbon
Feir_x net supply of net supply of dissolved component X to the surface ocean due to upwelling
Foxi_m CH4 consumption by photochemical oxidation of CHy
Foxi_ 0 0, consumption by photochemical oxidation of CHy
Fesc_H hydrogen escape

To determine the variation in abundances of the gaseous and
dissolved species, mass balance calculations are performed for
given fluxes through particular biogeochemical processes (Tables 1
and 2). In particular, we describe below the fluxes through several
biogeochemical processes, which parameterizations are originated
in our model and would play key roles to determine the evolution
of the surface environment after the snowball glaciation: chemical
weathering of the continents (Section 2.2), phosphorus river input
to the ocean (Section 2.2), biological O, production (Section 2.3),
and a redox balance calculation (Section 2.4). For further descrip-
tions, equations, and parameters of the model, see Supplementary
Materials and Tables.

2.2. Chemical weathering of the continents and phosphorus river input

Chemical weathering of the continents is an important pro-
cess in the biogeochemical cycles, because it provides cations and
nutrients to the oceans and consequently stabilizes climate. We
describe the global chemical weathering rates of the silicate and

carbonate minerals (Fys and Fyc, respectively) as a function of
pCO, and global surface temperature, Ty, as follows:

Fys = fa- fe- fo(pCO2, Ty) - Fps = fw - fo(pCO2, Ty) - Frs, (1)
Fwe= fa- fe- fo(pCO2, Tk) - F:/C = fw - fr(pCO2, Ty) - F\Tvc’ (2)

where F} . and F;. are the present-day values of chemical weath-
ering rates of silicate and carbonate, respectively (F;, = 6.65 x
1012 mol/yr and F,. = 13.35 x 10'2 mol/yr: Berner, 1991). The
factor fyw (= fq - fe) represents the relative weathering efficiency,
where f; and f. are the relative continental area and soil bi-
ological activity normalized by the present-day values, respec-
tively. In the Paleoproterozoic, f,, would have been lower than
that of the present-day (fw < 1), because continental areas would
have been smaller than that of today (f; < 1), and because
there were no vascular land plants (f, < 1). We assume f; =
0.4-0.8 and f. = 0.1-0.25, based on the previous estimates of
the evolution of continental crust (Hawkesworth and Kemp, 2006;
Hawkesworth et al.,, 2010) and the weathering fluxes in vege-



M. Harada et al. / Earth and Planetary Science Letters 419 (2015) 178-186 181

tated and unvegetated regions (Berner, 1994; Moulton et al., 2000).
We consider fy, = 0.09 for the nominal case and change fw
from 0.05 to 0.2 given a possible range of f, in the Paleopro-
terozoic. The factor f, represents the dependency of chemical
weathering rate on both pCO, and surface temperature. Based on
the previous weathering experiments and modeling (Tajika, 2003;
Walker et al., 1981), we express fj, as follows:

pCOz \"
pCO;

exp(—g)

eXp(— =)

fp(pCOz, Ty) = ( (3)

where n, E, and R represent the exponent of pCO, dependency,
activation energy, and gas constant, respectively. We assume the
values of E and n as same as those used in the previous studies
(Tajika, 2003; Walker et al., 1981), i.e.,, E = 15 kcal/mol and n =
0.3. The terms pCOj and T} are the present-day atmospheric CO;
concentration and global surface temperature respectively (pCO% =
3.15 x 1074 atm and T = 285 K, respectively). These values are
obtained using the present-day solar constant and weathering effi-
ciency (fw =1).

We consider the phosphorus riverine input (F,) to be propor-
tional to the silicate and carbonate weathering rates (Fys and Fy,
respectively) as follows:

_ Fuws + Fwe
P Fys % +Fyc P

(4)

The term Fp, represents the phosphorus riverine input rate in the
present-day (Fy, = 0.09 x 102 mol/yr), which is estimated from a
burial flux of phosphorus into the sediments in the steady state of
our model. The contribution of P input by carbonate weathering is
~10% of total P inputs (Hartmann et al., 2014).

2.3. Biological production rate of O,

In a long-term period, the burial rate of organic carbon corre-
sponds to the net production rate of O,. As described above, the
burial rate of organic carbon is assumed to be proportional to the
export production of organic carbon from the surface ocean to the
deep ocean in out model. The export production (Fp,) is expressed
as a function of phosphorus concentration in the surface ocean
([PO4]s in mol/L) (Yamanaka and Tajika, 1996) as follows:

[PO4]s
[PO4ls + ¥p’

where Ry is a carbon to phosphorus ratio of organic matter, and
yp is the half saturation constant. For R¢y, we simply assume that
this value is same as that of the Redfield ratio (R¢p, = 106). The half
saturation constant y, is determined in order to reproduce the ob-
servations of biological productivity and phosphorus concentration
in the present-day oceans (yp = 10~ mol/L: Paytan and McLaugh-
lin, 2007).

The net primary production (Fpp) and burial rate of organic car-
bon (Fp,) are evaluated from the export production (Fp,), assum-
ing that they are proportional to the export production as follows:

Fpo = ch . [PO4]S : (5)

1
Fpp:f'Fpo’ (6)
Fbo=a'Fpo=,3'Fpp» (7)
B=o-f, (8)

where the parameter f is the fraction of organic matter exported
from the surface ocean to the deep ocean to the net primary pro-
duction, and o represents burial efficiency of organic matter into
sediments.

The net primary production (Fpp) is taken to be a sum of oxy-
genic and anoxygenic photosynthesis (Fopy and Freq, respectively)
as follows:

Fpp:Foph+Fred (11)

According to the previous redox balance model (Goldblatt et al.,
2006), we consider that productivity due to anoxygenic photosyn-
thesis is controlled by a supply of ferrous iron, as it works as
an electron donor for anoxygenic photosynthesis (Fe** + CO, +
11H,0 + hv — 4Fe(OH)3 + CH,0 + 8H™). The flux of ferrous iron
in the ocean is given by the net input of reductant from mantle.

Proportions of organic matter decomposed in the surface and
deep oceans are expressed as follows:

Surface ocean: (1 — f)Fpp, (9)
Deep ocean: (1 — o) Fp,. (10)

Decomposition is assumed to occur owing to aerobic respira-
tion and/or methanogenesis, depending on O, concentration in the
oceans. The biological production rate of O, due to export pro-
duction (Fpe_o) is calculated from the rates of O, generation via
oxygenic photosynthesis (Fgpp) and O consumption through the
decomposition of organic carbon in the surface oceans (see Supple-
mentary Materials). The net production of O, caused by the burial
of organic carbon is calculated from the biological production rate
of Oy due to export production (Fy_o) and the net consumption
rate of Oy (Fygp_o) through organic matter decomposition in the
deep ocean.

Based on the estimates of the net primary productivity and or-
ganic carbon burial rates today (Goldblatt et al., 2006), we can
evaluate B ~ 0.003. Observations of the modern oceans (Eppley
and Peterson, 1979) suggest that global f value is ~0.2. Thus, o
would be in the order of ~0.01 in the present-day oceans. How-
ever, these values in the Proterozoic oceans are highly uncertain.
In this study, we assume a fixed value of 8 for simplicity, and per-
form a sensitivity study by varying f and « (Fig. S1 and Section 2
of Supplementary Methods).

2.4. Redox balance calculations

We calculate atmospheric levels of O, and CH4 from the mass
balance between the input and output of both oxidants and reduc-
tants based on a redox balance model (Goldblatt et al., 2006). The
model includes O, and CH4 production from biosphere, hydrogen
escape from the atmosphere to space, oxidative weathering of the
continents, reductant input from Earth’s interior, and photochemi-
cal methane oxidation in the atmosphere (see Table 1 and Supple-
mentary Materials). The rate of hydrogen escape is limited by dif-
fusion, which is considered as proportional to the atmospheric CHyg
concentration. The steady states of O, are achieved when the hy-
drogen escape balances the net reductant input. The model results
show a bistability of O, levels for given net primary production
and net reductant input owing to the non-linear dependency of the
methane oxidation rate to the atmospheric oxygen levels derived
from the results of photochemical models (Goldblatt et al., 2006).
Goldblatt et al. (2006) suggest that the atmosphere-ocean system
would have been in the bistable region in the Paleoproterozoic,
based on estimates of the Paleoproterozoic net reductant input rate
and net primary productivity. In this study, we adopt this assump-
tion and start calculations from the low hysteresis branch of O, in
the bistable region.

3. Results

Fig. 2 shows the evolution of surface environments after
the snowball glaciation. Based on characteristic processes and
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Fig. 2. Time variations in fluxes and reservoirs after the snowball glaciation. a, Surface temperatures (black) and partial pressures of CO, (pCO; red). b, Weathering rates
of silicate rock (black). ¢, Phosphorus concentrations in the surface ocean (black) and deep ocean (red). d, Rates of carbonate precipitation (CaCOs; red) and organic carbon
burial (black). e, Partial pressures of atmospheric O (pOz; black) and CHy (pCHy; red). f, Net organic carbon reservoir change, ACorg (burial rate minus weathering rate of
organic carbon; black), the rate of hydrogen escape to space (red), and the input rate of reductants from the mantle (green). We assume f,, =0.09 as the nominal case.

timescales, we divide a series of environmental changes into
two stages (Fig. 2). Stage I (<~10° yr after the termination of
the snowball glaciation) is characterized by the intense chemi-
cal weathering of continents, nutrient enrichment in the oceans
and a transition between oxygen steady-state levels. During this
stage, carbonate precipitation is temporally inhibited because the
oceans are highly undersaturated with respect to carbonate, ow-
ing to high levels of atmospheric CO, accumulated during the
glaciation (Fig. 2d). The high levels of atmospheric CO, and high
surface temperatures are prolonged over ~10° yr (>0.3 atm and
>300 K, respectively) (Fig. 2a). Under transient super-greenhouse
conditions, chemical weathering of the continents proceeds rapidly
(Fig. 2b), and extremely high levels of the riverine input fluxes re-
sult in oceans to be highly enriched in phosphorous (5-10 times
that of the present-day level) at 10*-10° yr after the glaciation
(Fig. 2c).

In response to the nutrient enrichments, primary production is
enhanced in the oceans (Fig. 2d). As a consequence of elevated
primary production followed by an elevated rate of organic carbon
burial, the atmospheric O, level exceeds ~10~> PAL (Fig. 2e). This
level is proposed as the threshold for triggering a positive feedback
loop with regards to O,; that is, when the atmospheric O, level
reaches this level, an ozone layer forms to decrease the oxidizing
efficiency of CHg, in the atmosphere, leading to further increase
in Oy levels (Goldblatt et al., 2006). Once the positive feedback
is initiated, atmospheric O, rapidly increases, jumping to a higher
steady-state branch irreversibly (Fig. 3). The timing of this O, on-
set depends on the timescale of phosphorus accumulation in the

oceans (Fig. 2d), which, in turn, is controlled by the initial atmo-
spheric CO, concentration and oceanic phosphorus concentration,
phosphorus cycle, and weathering efficiency. However, our sensi-
tivity study indicates that regardless of uncertainties in these pa-
rameters, the rise of Oy occurs within ~10* yr after the glaciation
(Fig. 2 and Figs. S1-S4). Note that, according to Kasting (1987) and
Segura et al. (2003), an ozone layer formation starts at ~10~> PAL
(~10'6 mol of 0,). Because the amount of a net O, release after
deglaciation in the first 10* yr reaches ~10'7 mol of 0,, the O,
jump should occur even for that case.

Stage II (10°-108 yr after glaciation) is marked by the deposi-
tion of cap carbonate, climate stabilization, and oxygen overshoot.
As a result of a supply of cations from continental weathering over
~10° yr, the oceans become saturated with respect to calcium car-
bonate (Fig. 2d). The timing of carbonate precipitation depends on
initial CO,, alkalinity, DIC, and weathering efficiency. However, re-
gardless of such uncertainties, the carbonate precipitation always
occurs after the O, transition (Fig. 2, Fig. S2 and Fig. S5). After the
carbonate precipitation (10°-10° yr), the atmospheric CO; levels
and surface temperatures reach steady states (Figs. 2a and 2b). As
a consequence of stabilization of climate, phosphorus concentra-
tions and organic carbon burial rate in the ocean also reach steady
states in ~10° yr (Figs. 2c and 2d).

However, even under stable conditions in climate and carbon
cycles, atmospheric O, does not reach a final equilibrium but over-
shoots to ~1 PAL over a period of 106-108 yr after the snow-
ball glaciation (Fig. 2e). The accumulation of O, in the atmo-
sphere is caused by the excess of net organic carbon reservoir
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Fig. 3. Evolution of atmospheric oxygen levels. a, Oxygen evolution for the nominal case shown in Fig. 2 (solid red line) superimposed on a compilation of geochemical
evidence for paleo-oxygen levels (Goldblatt et al., 2006 and references therein). The dashed line shows a possible evolution of oxygen levels in the Neoproterozoic. Gray
dotted lines are proposed stable steady levels of oxygen. b, Evolutionary track of atmospheric oxygen levels after the snowball glaciation shown in Fig. 2 (red solid curve)
superimposed on a bistability diagram between O, levels and net primary productivity given by Goldblatt et al. (2006). Solid and dashed gray curves show stable and
unstable steady states, respectively. Oxygen levels constrained by proxies are also shown (Farquhar et al., 2007; Goto et al., 2013; Klemm, 2000; Pavlov and Kasting, 2002).

change relative to reductant inputs during the first 10 yr after
the glaciation (Figs. 2d and 2f). This means that the O, levels dur-
ing period are not equilibrated and increase unidirectionally. Un-
der highly oxygenated conditions during this overshoot, methano-
genesis is suppressed, leading to a decline in atmospheric CHy
levels (Fig. 2e). This reduces the rate of hydrogen escape from
the atmosphere to space (Fig. 2f), which results in a decrease
in a net oxidation rate, or an increase in a net reduction rate,
in the atmosphere-ocean system. Consequently, the accumulated
0, is gradually consumed through the oxidation of excess reduc-
tants in the atmosphere-ocean system (e.g., reductants provided
from Earth’s interior) (Fig. 2e). The timescale of the overshoot is
controlled by a balance between the amount of accumulated O;
and net reduction rate. The steady-state level of ~0.01 PAL of O,
which corresponds to a high hysteresis branch of the steady state
(Goldblatt et al., 2006), is achieved ~10% yr after the glaciation
(Fig. 3) when the rate of hydrogen escape is balanced strictly by
the net reduction rate (Fig. 2f).

4. Discussion
4.1. Interpretation of geological records

Our results are in good agreement with stratigraphic evidence
for surface oxygenation in the geological records. The Paleopro-
terozoic sedimentary rocks of the Transvaal Supergroup, South
Africa, contain a low-latitude glacial diamictites (Evans et al.,
1997; Kirschvink et al., 2000) which represents the Paleopro-
terozoic snowball glaciation (Fig. 4). In the Transvaal Supergroup,
manganese-iron ore occurs between the glacial diamictites and
postglacial cap carbonates (Kirschvink et al., 2000) (Fig. 4). These
features are consistent with our results in which a rise of oxygen
content in the atmosphere and surface ocean occurs before the
deposition of cap carbonate (Fig. 2). In addition, we suggest the
occurrence of an oxygen overshoot to ~1 PAL for ~108 yr after
glaciation. This may account for the global deep-water oxygena-
tion in 2.1 Ga (Canfield et al., 2013). The O, overshoot would have
enhanced oxidative weathering of continental sulfides and deposi-
tions of ferric iron from the surface oceans (Bekker and Holland,
2012). The oxidative weathering of sulfides might have increased

the sulfate reservoir in the oceans to levels sufficient for the pre-
cipitation of sulfate minerals. This may explain global sulfate de-
positions at 2.2-2.1 Ga, including sulfate evaporates found above
the cap carbonate unit in the Transvaal Supergroup (Schroder et
al,, 2008).

Weak oxygenation of the early atmosphere and surface ocean
would have pre-dated the Paleoproterozoic snowball Earth glacia-
tion (Anbar et al., 2007; Farquhar et al., 2007; Goto et al., 2013;
Kendall et al., 2010; Papineau et al., 2007). Geochemical evidence
of oxidative weathering suggests an appearance of a mildly oxi-
dizing atmosphere (10~8-10> PAL) in the late Archean and Pa-
leoproterozoic (Anbar et al., 2007; Goto et al., 2013; Kendall et
al.,, 2010). Such ‘whiffs’ of oxygen may be interpreted as records
of probably reversible fluctuations in O, levels in a low hysteresis
branch, due to small changes in marine primary production (Fig. 3b
and Fig. S2). Previous studies have shown that a large degree of
mass-independent fractionation of sulfur isotopes (MIF-S) disap-
peared during repeated glaciations pre-dating the snowball event
(Farquhar et al., 2007; Papineau et al., 2007). However, numerical
modeling has shown that the decrease in MIF-S signatures is not
only associated with a rise in O, but also with a collapse in atmo-
spheric CH4 (Zahnle et al., 2006); hence, low levels of atmospheric
CH4 at the time of deposition are an alternative interpretation for
the lack of MIF-S during the repeated glaciations pre-dating the
snowball glaciation (Zahnle et al.,, 2006). By contrast, manganese
can only be oxidized by O, or nitric acid within marine environ-
ments (Kirschvink et al., 2000; Kopp et al., 2005), indicating that
the deposition of manganese oxides within ocean settings would
require large quantities of O, (Klemm, 2000). We suggest that the
formation of manganese oxides just above the low-latitude glacial
diamictites in the Transvaal Supergroup represents a distinct, ir-
reversible O, transition immediately after the snowball glaciation
(Fig. 3b). Large perturbations in biogeochemical cycles induced by
the snowball glaciation are, thus far, the unique trigger for the
GOT.

According to the recent biogeochemical study, the O, levels
in the Mesoproterozoic would have been as low as 1073 PAL
(Planavsky et al., 2014). Although the present study considers
~10~2 PAL as the high branch of the steady-state O, level, this
value can vary depending on the model assumptions. For in-
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oceans, followed by deposition of sulfate minerals.

stance, in our model, the steady-state O, level is affected by the
rate of CH4 generation in the oceans through the redox balance
equations (see Goldblatt et al. (2006) and Supplementary Mate-
rials). The rate of CHs generation is determined by the decom-
position process of organic carbon in the ocean as well as the
redox state of the ocean. Although sulfate reduction plays ma-
jor roles in the decomposition of organic carbon in the mod-
ern ocean, it is not considered in our model. As a result, this
may overestimate the biogenic CH4 flux in our model, and hence
raise the steady-state O, level. Furthermore, we simply divide
the ocean into two boxes, whereas multi-box models are usu-
ally used to represent the modern ocean [e.g., Ozaki et al., 2011;
Ozaki and Tajika, 2013], in which the deep ocean box is oxidized
by transport of O,-rich water from high-latitude ocean box. As our
two-box ocean model would tend to make the deep ocean anoxic
compared with a multi-box model for the same atmospheric O;
level, this again may overestimate the biogenic CHy flux and the
steady-state O, level. In the future work, full descriptions of sulfur
cycle in a multiple ocean box model would be necessary to calcu-
late more realistic steady-state O, levels.

4.2. Correlation with the Lomagundi §'3C excursion
The Paleoproterozoic is also marked by large positive shifts

of §13C value in inorganic carbon (termed the “Lomagundi-Jutali
event”) deposited between ~2.2-2.1 Ga (Karhu and Holland,

1996). One interpretation of the Lomagundi event is enhanced or-
ganic carbon burial and a rise of O, during this period (Karhu and
Holland, 1996). We show that the snowball glaciation triggers the
transition of Oy levels due to high rates of organic carbon burial,
which would possibly cause a positive excursion in §'3C recorded
in carbonate minerals precipitated immediately after the glaciation.
However, the snowball glaciation would not be able to explain the
time scale of §13C excursion in the Lomagundi event (~10% yr)
because the rate of organic carbon burial falls to a steady state
(ie., the carbon cycle reaches an equilibrium) in 107 yr after the
glaciation in our model (Fig. 2). The timescale required to stabilize
the carbon cycle could be prolonged if the chemical weathering of
the continents is limited by transport of glacial tills rather than
kinetics of chemical reactions (Mills et al., 2011). However, our
sensitivity studies suggest that even under such transport-limited
conditions for chemical weathering, the duration of enhanced or-
ganic carbon burial becomes only a few times of the nominal case
(Fig. S4). One possibility to further prolong biological productivity
is to take into account the positive feedback mechanism among the
rise of O, and phosphorus input to the ocean (Bekker and Holland,
2012); that is, when O, rises, phosphorus input to the ocean might
be enhanced due to effective weathering of apatite on the conti-
nents by oxidative weathering of sulfides, leading to prolonged,
high levels of biological productivity (Bekker and Holland, 2012).
Further investigations on the timescale on this feedback mecha-
nism are required.
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4.3. Implications for early life evolution

Our results show that a rapid transition (jump) from a reduc-
ing to an oxidizing atmosphere occurs <10% yr after the snowball
deglaciation (Fig. 2). This timescale may be shorter than the typ-
ical timescale for the genome evolution of prokaryotes [e.g., for
the rate of mutation of bacteria such as Escherichia coli, (Barrick
et al.,, 2009)], implying that progressive adaptation of life to the
change in redox environments reported here would have been dif-
ficult. The subsequent O, overshoot might have caused global oxy-
genation of the oceans, including deep-water environments. Thus,
the abrupt and/or widespread change in redox environments could
have stimulated a shift in the marine ecosystem from anaerobes
to aerobes, and/or provided an environmental stress that drove bi-
ological innovations including endosymbiosis, possibly leading to
the prosperity of oxygen-dependent complex life; e.g., the first fos-
sils of the eukaryotic Grypania sp. and multicellular-like organisms
dated at ~1.9 Ga (Payne et al,, 2009) and 2.1 Ga (EI Albani et al.,
2010), respectively.

5. Conclusions

We evaluated the timescale and magnitudes of a rise of O,
levels induced by the Paleoproterozoic snowball glaciation. We
examined biogeochemical responses to the climate transition at
the termination of the snowball glaciation using a three-box bio-
geochemical cycle model. During the climate recovery from the
snowball glaciation, the rates of chemical weathering and nutrient
input to the oceans are greatly enhanced under transient super-
greenhouse conditions, which cause elevated biological productiv-
ity in the oceans. This results in both a rapid transition (<10* yr)
of atmospheric O, from a low steady state branch (<10~> PAL) to
a high one (~0.01 PAL or greater) and an accumulation of massive
O, up to 1 PAL (i.e., overshoot) after the deglaciation. We show
that the intense overshoot of O, level persists for ~108 yr due to
slow input of reductant into the atmosphere-ocean system. These
results are in good agreement with the geological records (depo-
sition of manganese oxides and sulfate minerals, and deep-ocean
oxygenation) after the Paleoproterozoic snowball glaciation. De-
spite an uncertainty in the interpretation of the Lomagundi event,
we thus far conclude that the snowball glaciation would have been
the oxidative forcing sufficient to trigger the observed dynamic
transition of O levels (i.e., GOT) in the Paleoproterozoic. We also
speculate that early life would have been difficult to adapt to the
rapid pace of change in redox states via genome evolution, possi-
bly stimulating ecological change or biological innovation toward
oxygen-dependent higher life.

Snowball Earth events cause an accumulation of CO,, which re-
sults in a strong disequilibrium in the atmosphere-ocean system
when ice melts. We show that this disequilibrium would be the
driving force towards a high steady-state level of O,. Given the
occurrence of snowball Earth events at ~2.2, 0.72 and 0.64 Ga
(Evans et al., 1997; Hoffman and Schrag, 2002; Kirschvink et
al., 2000), phosphorus accumulations and massive releases of O;
would have occurred at both the beginning and end of the Pro-
terozoic (Planavsky et al., 2010; Sahoo et al, 2012) (Fig. 3). If
so, snowball glaciations may have played an essential role in the
phase changes of both environmental redox conditions and biolog-
ical evolution during Earth’s history.
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