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Carbon cycle and climate change during the Neoproterozoic have not been un-
derstood well. In that period, global glaciations may have occurred several times. 
Carbon isotopic composition of seawater was generally heavy and fluctuated 
with very large amplitudes, suggesting unusual behaviors of the carbon cycle 
system. In this study, the carbon cycle and the climate change during the Neopro-
terozoic are analyzed quantitatively using an improved carbon isotope mass bal-
ance model with a one-dimensional energy balance climate model. According to 
the results, the organic carbon burial rate is generally high and the carbonate pre-
cipitation rate is generally low through the Neoproterozoic. However, before the 
glaciations, the organic carbon burial increases and the carbonate precipitation 
decreases. On the other hand, the organic carbon burial decreases and the carbon-
ate precipitation increases after the glaciations. Because the carbonate precipita-
tion rate should balance with the cation supply rate due to chemical weathering, 
the climate factors (i.e., T and pCO2) also decrease before the glaciations and in-
crease after the glaciations. The climate is, however, too warm to initiate glaci-
ations when present values of the CO2 degassing rate and the organic carbon 
weathering rate are assumed in the model. If the global glaciations were caused at 
the positive excursions of δ13C, the CO2 degassing rate should have decreased to 
< 1/4-1/2 times the present rate at the same time. In order to reconstruct the car-
bon cycle and the climate change in further detail, we need to know variations of 
the tectonic forcing (e.g., volcanic activities) during the Neoproterozoic. 

  

1. INTRODUCTION 

Climate change during the Proterozoic seems to be 
enigmatic. There are ice ages in the Early Proterozoic 
(the Huronian glaciations) and in the Late Protero-
zoic (the Sturtian and the Varanger-Marinoan glaci-
ations) [e.g., Hambrey and Harland, 1981; Crowell, 
1999]. Each episodes may have multiple glacial 
events (at least, more than a single event) suggested 
from existence of multiple diamictite layers and car-
bon isotopic excursions, although the exact number 
of glacial events has been controversial [e.g., Kauf-
man et al., 1997; Kennedy et al, 1998; Hoffman and 
Schrag, 2002]. On the other hand, although possible 
glacial deposits have been found in north-central 
Siberia and north Scotland [e.g., Crowell, 1999], 
there is no certain evidence of glaciations during the 

Middle Proterozoic. Therefore, two big ice ages are 
separated by a 1.5-billion-year warm period during 
the Proterozoic. 

Paleomagnetic studies have revealed that there is 
evidence for low-latitude ice sheets both in the Late 
and the Early Proterozoic glaciations [e.g., Evans, 
2000]. There are also several features associated with 
the Proterozoic glaciations. Glacial diamictites in the 
Neoproterozoic are overlain by thick carbonate sedi-
ments (called “cap carbonate”) which may have depos-
ited under tropical environment, showing unusual tex-
tures and low values of carbon isotopic composition 
[Hoffman et al., 1998a, b; Hoffman and Schrag, 2002]. 
There are iron formation and manganese deposit asso-
ciated with the glaciogenic deposits [Kirschvink, 1992; 
Kirschvink et al., 2000]. In order to interpret these fea-
tures peculiar to the Proterozoic glaciations, Kirschvink 
[1992] has proposed the snowball Earth hypothesis, 



 
that is, most of the Earth's surface may have been glob-
ally ice-covered during the Proterozoic ice ages. Al-
though there are several arguments for this hypothesis 
(equatorial surface oceans may not have been frozen 
completely, etc.) [e.g., Hyde et al., 2000; Poulsen et 
al., 2001] or there is another interpretation of low-
latitude ice-sheets (obliquity of the Earth may have 
been very large before the end of Precambrian) [e.g., 
Williams, 1993; Jenkins, 2000], this might be the only 
hypothesis which can explain all of the unusual fea-
tures associated with glaciogenic deposits described 
above [Kirschvink, 1992, 2002; Hoffman et al., 1998b; 
Hoffman and Schrag, 2002]. Because the susceptibility 
of the Earth to global glaciations during the Protero-
zoic would have been similar to that of today in spite 
of dimmer Sun earlier in Earth’s history [Tajika, 2003], 
we need to study behaviors of carbon cycle during the 
Proterozoic. 

Carbon isotopic composition of seawater recorded in 
sedimentary rocks may provide useful information on 
variation of carbon cycle and climate change. Carbon 
isotopic composition (the δ 13C value) during the Neo-
proterozoic is generally heavier than that during the 
Phanerozoic, and shows variations with very large am-
plitudes (Figure 1) [e.g., Kaufman et al., 1997; Hayes 
et al., 1999]. These features should be the results of 
variations of the carbon cycle system, such as varia-
tions of organic carbon burial rate. The oscillations of 
carbon isotopic composition may closely link with the 
global glaciations (Figure 1), and unusually high rate 
of organic carbon burial suggested from positive ex-
cursions of δ 13C may have facilitated the global glaci-
ations by reducing atmospheric CO2 level [e.g., Kauf-
man et al., 1997; Hoffman et al., 1998a, b]. Variations 
of the carbon cycle system and the atmospheric CO2 
levels during the Neoproterozoic, however, have not 
been studied quantitatively. 

In this study, a carbon isotope mass balance model is 
improved and combined with a one-dimensional en-
ergy balance climate model in order to analyze the car-
bon cycle system and the climate system during the 
Neoproterozoic. In this model, variations of carbon 
fluxes due to several processes such as organic carbon 
burial, carbonate precipitation, and carbonate/silicate 
weathering can be estimated using time-series data set 
of carbon isotopic composition of seawater, and, then, 
partial pressure of CO2 and surface temperatures can 
be estimated through the climate model. Implication 
for the global glaciations will also be discussed in the 
context of variations of the carbon cycle. 

 
2. MODELS 

 
Carbon isotope mass balance models have been de-

veloped and used in order to study variations of the 
carbon cycle system during geologic time. The model 
usually considers both carbon mass balance and carbon 
isotope mass balance with respect to the atmosphere-
ocean system. The atmosphere-ocean system is as-
sumed in a steady state because the model is usually 
applied to the problem on long timescale (longer than 
the residence time of carbon in the atmosphere-ocean 
system, i.e., > 105 years), although the carbon isotope 
record during the Neoproterozoic might be better un-
derstood with the nonsteady dynamics of two reactive 
pools of carbon in the oceans [Rothman et al., 2003]. 

In the carbon isotope mass balance model, riverine 
input of carbon into the atmosphere-ocean system (Fr) 
with the δ13C value of the total sedimentary carbon 
(δ13Cr) should balance with output of carbon due to 
carbonate precipitation (FB

C) with the δ13C value of 
seawater (δ13Ca) and organic carbon burial (FB

O) with 
the δ13C value of organic carbon (δ13Cg). Therefore, 
mass balance equations are represented by 

 
Fr = FB

C + FB
O                                 (1) 

 
δ13Cr Fr  = δ13Ca FB

C + (δ13Ca - ∆) FB
O              (2) 

 
where ∆ represents a net difference of δ13C values be-
tween inorganic carbon and organic carbon (= δ13Ca - 
δ13Cg), which actually includes effect of carbon iso-
topic fractionation due to photosynthesis, isotopic dif-
ference between dissolved CO2 and dissolved inor-
ganic carbon, isotopic difference between dissolved 
inorganic carbon and carbonate minerals, and isotopic 
shift associated with secondary biological processes 
[e.g., Hayes et al., 1999]. When there is time-series 
data set of δ13Ca with assumed values of δ13Cr and 
∆, the factor fo which represents the fraction of carbon 
that is buried in organic form can be obtained. 

 
fo = FB

O/(FB
C + FB

O) = (δ13C a  - δ13Cr)/ ∆.         (3) 
 
This is essential information obtained from the carbon 
isotope mass balance model. Here, if we assume the 
riverine flux of carbon Fr in addition to δ13Cr and ∆, 
two unknown fluxes (FB

C and FB
O) can be estimated 

separately from the equations (1) and (2) as follows: 
 

FB
C = (∆ - δ13Ca + δ13Cr) Fr / ∆            (4) 

 
FB

O = (δ13Ca - δ13Cr) Fr / ∆.                      (5) 
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To summarize, using the two equations of (1) and 
(2), we can estimate two unknown parameters (FB

O and 
FB

C) when other parameters (Fr, δ13Cr, and ∆) are as-
sumed to be constant, and time-series data set of δ13Ca 
is given as input data. 

Next, we improve this simple model to include 
weathering fluxes and degassing flux in order to dis-
cuss climate changes and roles of each carbon flux in 
the carbon cycle system. The carbon flux into the at-
mosphere-ocean system is divided into three fluxes, 
that is, degassing of CO2 via metamorphism and vol-
canism (FD), weathering of carbonate (FW

C), and oxi-
dative weathering of organic carbon (FW

O). Each car-
bon source has each specific carbon isotope value (rep-
resented here as δ13CM, δ13CC, and δ13CO, respectively). 
In this case, the carbon mass balance and the carbon 
isotope mass balance equations are represented by 

 
FD + FW

C + FW
O  =  FB

C + FB
O                     (6) 

 
δ13CM FD + δ13CC FW

C + δ13CO FW
O   

= δ13Ca FB
C + (δ13Ca - ∆) FB

O.                  (7) 
 
In order to solve these equations, we need additional 
constraints and assumptions. One is the alkalinity 
budget in the ocean, that is, 

 
FB

C  =  FW
C + FW

S                                (8) 
 

where FW
S represents silicate weathering rate. This 

equation represents a net carbonate precipitation (dif-
ference between the rates of the precipitation and the 
weathering of carbonates) which should be equal to the 
cation supply derived from the chemical weathering of 
silicate minerals [Berner, 1991, 1994]. 

Because ∆ varies with concentration of dissolved 
CO2 (hence partial pressure of atmospheric CO2, that 
is, pCO2) as well as other factors such as growth rate 
and the ratio of cellular volume to surface area of 
phytoplankton [e.g., Bidigare et al., 1997; Kump and 
Arthur, 1999], and also because pCO2 must have 
changed greatly through the ice ages, variations of ∆ 
should be important during the Neoproterozoic. 

Hayes et al. [1999] compiled not only δ13Ca data but 
also δ13Cg data to estimate variations of ∆ during the 
later Neoproterozoic (between 800 Ma and 540 Ma). 
The method they adopted is: (1) samples were sorted in 
order of assigned age, thus producing a sequence in 
which samples from different tectonic provinces were 
interspersed, and (2) values of δ13Ca and δ13Cg were 
compared among samples with closely similar ages, 
without regard for location [Hayes et al., 1999]. There-

fore, validity of the approach depends on the accuracy 
of the age assignments that guide the comparisons 
[Hayes et al., 1999]. Although this method may be the 
best way to compile existing data sets to compare 
among samples from different localities, uncertainties 
due to age assignments cannot be eliminated. There-
fore, although we use the data sets of δ13Ca and δ13Cg 
compiled by Hayes et al. [1999], we also use higher 
resolution data set of δ13Ca compiled also by Hayes et 
al. [1999] (Figure 1) and the theoretical formulation of 
∆ proposed by Kump and Arthur [1999]. The formula-
tion of ∆ as a function of pCO2 is expressed as 

 
∆  =  A/(B x pCO2) - 33                            (9) 

 
where A=2301.91 and B=0.034 [Kump and Arthur, 
1999]. This formulation is based on data set for hapto-
phyte algae [Bidigare et al., 1997] with Henry's Law at 
25oC and [PO4] = 0.25 µmol/kg. Although this may not 
be appropriate for the Neoproterozoic ocean and bio-
sphere, we will use this formulation as one of possible 
expressions of ∆ as a function of pCO2. 

The chemical weathering reaction is known to have 
dependencies on temperature (T) and pCO2 [e.g., 
Walker et al., 1981; Schwartzman and Volk, 1989, 
1991; Berner, 1991, 1994]. A function fB which repre-
sents the dependencies of weathering rate on T and 
pCO2 is assumed here as follows [e.g., Walker et al., 
1981; Schwartzman and Volk, 1989, 1991; Tajika and 
Matsui, 1990, 1992; Tajika, 2003]: 

 
fB  = (pCO2/pCO2*)n  exp(-E/RT)                (10) 

 
where n is an exponent of pCO2 dependency, E is acti-
vation energy of reaction, R is gas constant, and * 
represents the present value. For Ca-, Mg-silicates ex-
posed on the continents of an abiotic Earth, n is proba-
bly between 0.3 and 0.4 [Schwartzman and Volk, 
1989]. For simplicity, we assume 0.3 [Walker et al., 
1981; Schwartzman and Volk, 1989, 1991; Tajika and 
Matsui, 1990, 1992] in this study. Activation energy of 
chemical dissolution of various silicates is estimated 
ranging from 10 to 20 kcal/mol [Schwartzman and 
Volk, 1989; Lasaga et al., 1994]. We use 15 kcal/mol 
[Berner, 1994] in this study. For simplicity, a depend-
ency of the weathering rate on temperature through 
runoff is not considered (hence negative feedback 
should be minimum strength). Similarly, other factors 
(such as river runoff due to changes in paleogeogra-
phy, land area, uplift and physical erosion, and lithol-
ogy) are not considered here for simplicity. The silicate 
and carbonate weathering rates are assumed here as 



 
follows: 

 
FW

S =  fB(T, pCO2) fE FW
S*                      (11) 

 
FW

C =  fB(T, pCO2) fE FW
C*                     (12) 

 
where fE is a soil biological activity factor which repre-
sents efficiency of weathering due to plants and mi-
crobes on land [Schwartzman and Volk, 1989, 1991; 
Berner, 1991, 1994]. 

Plants accelerate the uptake of CO2 during weather-
ing by secretion of organic acids by roots and associate 
symbiotic microflora, recirculation of water by transpi-
ration and accelerated rainfall, and retention by roots of 
soil from removal by erosion [Schwartzman and Volk, 
1989, 1991; Berner, 1991, 1994]. Because there were 
not higher terrestrial plants before the Silurian, effi-
ciency of silicate weathering rate due to the soil bio-
logical activity should have been very low during the 
Neoproterozoic (fE << 1) compared to that at present (fE 
= 1). However, microbial and possibly lichen coloniza-
tion on the continents in the Precambrian probably 
resulted in a considerable increase in chemical weath-
ering relative to abiotic conditions [Schwartzman and 
Volk, 1989]. The factor before the Silurian may be es-
timated from the weathering rate in unvegetated region 
on the present Earth. On the basis of such an estimate 
[Drever and Zobrist, 1992], a value for fE of 0.15 
[Berner, 1994] is assumed in this study. 

We combine the carbon isotope model described 
above with a simple climate model. We use a one-
dimensional energy balance climate model (1D-EBM) 
with CO2-dependent outgoing radiation [Caldeira and 
Kasting, 1993; Ikeda and Tajika, 1999]. The model is 
based on the Budyko-Sellers-type EBM, which em-
ploys diffusive-type of heat transport and discontinu-
ous albedo at the ice cap edge, and takes into account 
dependency of CO2 on the outgoing infrared radiation 
(see Caldeira and Kasting [1993] and Ikeda and Tajika 
[1999]). From this model, we can estimate latitudinal 
temperature distribution as functions of the effective 
solar constant (Seff) and pCO2. 

Figure 2a shows an example of variations of latitu-
dinal temperature distribution (Seff is assumed to be 
0.94 for the Neoproterozoic). As pCO2 decreases, tem-
perature lowers at every latitude, although the tropics 
remains warmer. However, when pCO2 achieves the 
critical level at which the stable solution for partially 
ice-covered branch disappears, the Earth becomes 
globally ice-covered (under freezing condition glob-
ally). The critical level of pCO2 depends on model pa-
rameters (albedo and diffusion coefficient) and also on 

climate models (EBMs, Atmospheric GCMs, or At-
mosphere-Ocean-Coupled-GCMs), but the basic be-
haviors of the climate system, that is, global cooling 
due to pCO2 decrease and globally freezing condition 
at very low CO2 level, might be the same [e.g., Jenkins 
and Smith, 1999] (note, however, that there may be a 
quasi-stable state of ice-covered Earth with an equato-
rial open ocean [e.g., Hyde et al., 2000]). In the follow-
ing arguments, we assume this relationship as the most 
likely behaviors of the climate system for the case of 
pCO2 decrease. 

We estimate global chemical weathering rate from 
these temperature distributions and pCO2 conditions. 
Figure 2b shows a relationship between pCO2 and the 
global silicate weathering rate, which is obtained from 
the integration of the silicate weathering rate from the 
pole to the equator as a function of temperature at each 
latitude. For simplicity, we assume uniform distribu-
tion of continents and oceans from the pole to the 
equator as an ideal case. If continents concentrate in 
low latitudes and contribution of chemical weathering 
in low latitude is large, then the curve would shift 
rightward in this diagram (Figure 2b). The chemical 
weathering is assumed to occur as long as the surface 
temperature is above 0oC. When we obtain the silicate 
weathering rate from the carbon isotope model de-
scribed above, we can estimate pCO2 and the tempera-
ture distribution (or the globally-averaged surface tem-
perature, TS) from this relationship. 

To summarize, using the six equations of (6)-(9), 
(11), and (12), we can estimate six unknown parame-
ters (FB

O, FB
C, FW

C, FW
S, fB, and ∆) when other pa-

rameters (FD, FW
O, δ13CC, δ13CO, and δ13CM) are as-

sumed to be constant and time-series data set of δ13Ca 
is given as input data. When we combine the carbon 
isotope model with the climate model, we can further 
estimate pCO2 and TS. 

 
3. RESULTS AND DISCUSSION 

 
As a standard case, we assume the present values of 

FD (= 7.9 x 1012 mol/year) and FW
O (= 3.75 x 1012 

mol/year) [Berner, 1991], and average isotopic values 
of δ13CC (=0 ‰), δ13CO (= -25 ‰), and δ13CM (= -5 ‰) 
[e.g., Schidlowski, 1988]. We will discuss results of 
parameter studies in the later section. We use two 
kinds of data set of δ13Ca for the later Neoproterozoic 
compiled by Hayes et al. [1999] as input data to the 
model: one is high resolution (Figure 1) and the other 
is low resolution but with the data set of δ13Cg (i.e., 
with the data set of  ∆). 
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3.1. Organic Carbon Burial 

 
Figure 3a shows variations of the burial rate of or-

ganic carbon (FB
O) obtained from the models. There 

are results for three cases: (I) high resolution δ13Ca data 
set by Hayes et al. [1999] with the formulation of ∆ by 
Kump and Arthur [1999] are used (solid curve), (II) 
low resolution δ13Ca and δ13Cg (i.e., ∆) data sets by 
Hayes et al. [1999] are used (dashed curve), and (III) 
the simple carbon isotope mass balance model (the 
equations (1) and (2)) with low resolution δ13Ca and 
δ13Cg (i.e., ∆) data sets by Hayes et al. [1999] are used 
(dotted curve).  

As shown in this figure, the results of the Cases II 
and III are similar to each other. This is because the 
carbon isotope model depends strongly on input data of 
δ13Ca. The difference between the Cases II and III is 
owing to difference between the models: the model 
developed here (Cases I and II) may partially include 
the effects of climate change through variations of 
chemical weathering, which may affect the estimate of 
FB

O. The value of FB
O is generally high between the 

glaciations (especially before the glaciations), but de-
creases rapidly after the glaciations for all three cases. 
In particular, for the Case I, FB

O becomes almost zero 
after the Sturtian and the Marinoan glaciations. This 
might be consistent with the arguments by Hoffman et 
al. [1998b]. On the other hand, before the glaciations, 
FB

O becomes very high (up to 8.0-9.5 x 1012 mol/year) 
compared with the present value of 5 x 1012 mol/year 
or the values estimated for the Phanerozoic (except for 
the time of the Late Paleozoic glaciations) [Berner, 
1991]. This is consistent with the view obtained from 
the equation (3), that is, the fraction of organic carbon 
burial fo is generally higher in the Neoproterozoic than 
the Phanerozoic [e.g., Hayes et al., 1999].  

It is, however, noted that absolute values of FB
O 

should depend on assumed values of model parameters 
(especially on FD and FW

O, that is, the input fluxes of 
carbon into the atmosphere-ocean system). If these 
fluxes are smaller than the present values assumed 
here, the absolute values of FB

O during the Neopro-
terozoic can be similar to or even lower than those dur-
ing the Phanerozoic (see the section 3.4). 

 
3.2. Carbonate Precipitation 

 
Figure 3b shows variations of the carbonate precipi-

tation rate (FB
C) for the three cases. The carbonate pre-

cipitation rate is generally low between the glaciations 
(especially before the glaciations), and increases rap-
idly after the glaciations (part of these increases might 

represent precipitation of cap carbonates deposited 
above the glacial diamictites). 

For the carbonate precipitation, the results of the 
Cases I and II are more similar than the result of the 
Case III: the amplitudes of variations are larger in the 
Cases I and II than in the Case III. This is because FB

C 
should balance with the rate of cation supply to the 
ocean due to silicate and carbonate weathering, both of 
which depend on the climate (i.e., T and pCO2). Be-
cause of this, the amplitudes of variations of FB

C are 
larger in the model developed here (which may include 
the effects of climate change through the chemical 
weathering) than the simple carbon isotope model 
(which assumes constant riverine input rate). 

It is, however, noted that climate change through 
variations of pCO2 should be contributed not only by 
variations of biological forcing such as organic carbon 
budget and the soil biological activity, but also con-
tributed by variations of tectonic forcing such as 
volcanic activity (seafloor spreading and superplume) 
and orogenic activity, which are not considered in the 
carbon isotope mass balance models. As a result, 
estimates of FB

C from the carbon isotope mass balance 
models can only represent the contribution of 
variations of biological forcing. 

Tajika [1999] compared the results of FB
O and FB

C 
between a simple carbon isotope mass balance model 
and a “full” model of the carbon cycle (similar to 
GEOCARB model developed by Berner [1994]). Ac-
cording to the result, the estimates of FB

O from the two 
models seem to be very similar to each other except for 
their absolute values. On the other hand, the estimates 
of FB

C from the two models are quite different. The 
result of the simple model clearly reflects the input 
data of δ13C. Because riverine inputs of carbon and 
calcium to the ocean due to chemical weathering must 
depend largely on T and pCO2 (which should be af-
fected both by the biological forcing and the tectonic 
forcing), both the pattern and the absolute values of 
FB

C are different between the results of the two differ-
ent methods.  

Therefore, it appears that the simple carbon isotope 
mass balance models would be useful for estimating 
the pattern of FB

O, but may not be appropriate for its 
absolute value, and cannot estimate FB

C [Tajika, 1999]. 
Because the model developed in this study may include 
effects of climate change through the chemical weath-
ering, the amplitudes of variations of carbon fluxes 
(including FB

O and FB
C) would be estimated more 

properly than those estimated from the simple carbon 
isotope mass balance model, although the contribution 
of tectonic forcing to the carbon cycle system is not 



 
included in both models. 

In this respect, the result of the variations of FB
C ob-

tained here is not equivalent to the result of either the 
simple carbon isotope model or the full carbon cycle 
model, but is similar to the result of a system analysis 
of the full carbon cycle model which only considers 
variations of the biological forcing [Tajika, 1998, 
1999].  
 
3.3. Chemical Weathering and Climate Change 

 
Figure 4 shows variations of chemical weathering 

rate normalized to the present rate (=  fB x fE) for the 
Cases I and II. Note that the Case III (the simple car-
bon isotope model) assumes it to be constant (= 1). The 
weathering rate is generally low (especially before the 
glaciations), but increases rapidly after the glaciations, 
as well as the variations of the carbonate precipitation 
rate. Because the weathering rate responds to climate 
change, this indicates that the climate is cool between 
the glaciations (especially before the glaciations) but 
becomes warm temporarily after the glaciations. It is 
noted that, although the variations of the weathering 
rate can be interpreted as the effect of climate change, 
the variations obtained here should only represent the 
effects of the biological forcing, and do not include 
effects of the tectonic forcing, as mentioned in the pre-
vious section. 

Figure 5 shows variations of pCO2 and TS. These re-
sults are obtained from numerical iteration which esti-
mates the factor fB so that the value estimated from the 
carbon isotope model may be consistent with the value 
estimated from the climate model (integration of the 
factor fB(T, pCO2) from the pole to the equator). Then, 
the globally-averaged surface temperature is obtained 
from averaging the surface temperatures from the pole 
to the equator. 

As expected from the results of weathering rate, 
pCO2 and TS are low before the glaciations, but be-
come high after the glaciations, consistent with the 
view from the carbon isotope data [e.g., Kaufman et 
al., 1997; Hoffman et al., 1998a, 1998b]. The pCO2 
and TS are, however, too high to initiate glaciations 
(Figure 5): TS varies between 20oC and 30oC through-
out the Neoproterozoic in these cases. This is essen-
tially because we assumed present values of FD and 
FW

O for the standard case, and also because we as-
sumed small value of fE (= 0.15) during the Neopro-
terozoic. Because the estimate of FB

C should be af-
fected by FD and FW

O through the carbon isotope mass 
balance model, FB

C cannot be small as far as the pre-
sent values of FD and FW

O are assumed (i.e., FW
C ∼ 

FW
C* = 20 x 1012 mol/year; Figure 3b). According to 

the equation (8), FB
C should balance with FW

S and FW
C, 

so the weathering rate cannot be small whereas the soil 
biological activity is small (i.e., fB x fE ∼ 1 with fE = 
0.15). Therefore, fB, hence pCO2 and TS should be high 
in this case.  

These results would, however, change when we as-
sume different values of carbon fluxes in the model. 
We therefore need parameter studies in order to inves-
tigate relationship between the carbon cycle and the 
climate change. 

 
3.4. Effects of Carbon Fluxes 

 
Figure 6 shows the result of the case for assuming 

the lower degassing rate (FD = 1.7 x 1012 mol/year). In 
this case, TS and pCO2 become low enough to initiate 
global glaciations when FB

O increases. It is noted that 
the condition for initiation of global glaciation used 
here is obtained from the 1D-EBM (see the section 2 
and Figure 2), so the condition may be different when 
one assumes different values of the model parameters 
or different climate models.  

It is, however, important to note here that the in-
crease in the organic carbon burial rate as inferred from 
the positive excursion of δ13Ca [e.g., Kaufman et al., 
1997; Hoffman et al., 1998b] may not be enough to 
cause global glaciations, and carbon fluxes other than 
the organic carbon burial rate may also be important 
for considering the climate change during the Neopro-
terozoic. In this case (Figure 6), global glaciations oc-
cur four times during the Neoproterozoic because of 
low FD in addition to the increases of FB

O. It is, how-
ever, noted that, because the input flux of CO2 into the 
atmosphere-ocean system is low, FB

O increases to the 
level similar to the present but never becomes larger in 
this case.  

If we assume that the glaciations were caused at the 
time of the positive excursions of δ13Ca [e.g., Kaufman 
et al., 1997; Hoffman et al., 1998b], we can investigate 
the conditions for the carbon fluxes to cause the cli-
mate instability based on the equations (6)-(8) analyti-
cally. Figure 7 shows the result: in order to cause the 
climate instability, the degassing rate of CO2 via 
metamorphic/volcanism (FD) and the oxidative weath-
ering rate of organic carbon (FW

O) should be in the left 
side of each line which represents the critical condition 
for the climate system at a specific peak value of posi-
tive excursion of δ13Ca (e.g., positive peak values dur-
ing the Neoproterozoic are estimated ranging from 
7.5 ‰ [Hayes et al., 1999] to 10 ‰ [Hoffman et al., 
1998b]). For example, in order to initiate global glacia-
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tion when δ13C increases to 7.5 ‰, FD should be < 2 x 
1012 mol/year (< 1/4 of the present rate) with the pre-
sent FW

O value. Similarly, the global glaciation occurs 
when δ13C increases to 10 ‰ and FD is < 4 x 1012 
mol/year (< 1/2 of the present rate). 

The global glaciation also occurs when FW
O becomes 

very large (> 15 x 1012 mol/year for δ13C =7.5 ‰, and 
> 8 x 1012 mol/year for δ13C =10 ‰, with the present 
FD value). This is, somewhat, difficult to understand 
because an increase of FW

O (which releases CO2 to the 
atmosphere-ocean system) results in a decrease of 
pCO2 in this case. According to the carbon isotope 
mass balance model, this may be understood as fol-
lows: when FW

O increases, a large amount of low δ13C 
due to organic carbon weathering is delivered to the 
ocean, but it should be removed from the atmosphere-
ocean system by deposition of a large amount of or-
ganic carbon, because, actually, δ13Ca did not de-
creased but increased to 7.5-10 ‰ at that time. In that 
case, FB

C should be low (see the equations (3)-(5) with 
very small δ13Cr), so FW

C and FW
S, hence T and pCO2 

should also be low. When the Earth becomes glaciated, 
sea level falls owing to the growth of ice sheet, result-
ing in shallow seafloor sediments exposed. Then, FB

O 
may increase at the last stage of cooling. In fact, this 
might be important for the negative excursion of δ13C 
as seen just before the glaciation (see the next section). 
However, in that case, the carbonate weathering rate 
may also increase at the same time. Furthermore, it 
may be difficult to consider FW

O to have increased to > 
2-4 times the present rate during the Neoproterozoic 
when pO2 was much lower than it is today. It is there-
fore more likely that an decrease in FD would have 
caused the global glaciations. 

 
3.5. Implication for Snowball Earth 

 
Variation of carbon isotopic composition of seawater 

during the Neoproterozoic implies repetition of cooling 
and warming. It is, however, difficult to determine the 
cause for the global glaciations only from the carbon 
isotope data. This is because we do not know varia-
tions of tectonic forcing (such as volcanic activity) 
during the Neoproterozoic which also affects the car-
bon cycle and the climate change. According to the 
discussion in the previous section, if the global glaci-
ations occurred at the time of the positive excursions of 
δ13Ca, the increases in FB

O is not enough to initiate the 
global glaciations, and the decrease in FD (probably 
because of decrease in volcanic activity) is required at 
the same time. However, the Sturtian glaciation may 
have occurred at about 750 Ma after the breakup of  

supercontinent Rodinia [e.g., Hoffman et al., 1998b]. 
Fragmentation of Rodinia could have provided large 
area of continental margins at which organic carbon 
buries effectively, which may have resulted in the CO2 
drawdown [e.g., Hoffman et al., 1998b]. In that case, 
seafloor spreading might have become active, which 
seems to be inconsistent with a decrease in volcanic 
activity.  

Degassing rate of CO2, however, may have been 
generally low and may not have correlated well with 
the seafloor spreading rate during the Neoproterozoic. 
Most of the CO2 degassing today is owing to subduc-
tion volcanism, and is derived from decomposition of 
subducted carbonate [Sano and Williams, 1996]. In 
other words, the total CO2 degassing rate depends 
largely on the amount of carbonate subducted as sea-
floor sediments. The CaCO3-secreting plankton, such 
as foraminifera and coccolithophorids, arose during the 
Late Jurassic, and are deposited largely in deep water, 
making them more susceptible to subduction and ther-
mal decomposition today. Before that, relative propor-
tions of carbonates deposited on shallow platforms and 
in the deep sea might have been different from now 
[e.g., Opdyke and Wilkinson, 1988; Volk, 1989], indi-
cating that the CO2 degassing rate might have been 
generally lower and varied owing to changes in the 
sedimentary environment for carbonates in addition to 
variation of seafloor spreading rate. 

There is, however, an enigma: the δ13C value of sea-
water might have decreased before the younger Neo-
proterozoic glaciation [e.g., Hoffman et al., 1998b; 
Hoffman and Schrag, 2002; Schrag et al., 2002]. If it is 
not an artifact of some unusual alteration process [Ken-
nedy et al., 1998], but is primary and real, then the 
cause for the global glaciation cannot be explained 
easily. Hoffman et al. [1998b] considered that this is 
due to cessation of marine biological productivity be-
cause of colder conditions. There is another interpreta-
tion which attributes the negative excursion of δ13C to 
release of methane owing to dissociation of seafloor 
methane hydrate [Schrag et al., 2002]. Because accu-
mulation of 13C-depleted carbon from volcanic gas, 
organic carbon, or methane hydrate may result in an 
increase of pCO2, it seems to be difficult to explain the 
global glaciation. However, Schrag et al. [2002] con-
sidered that pCO2 should have decreased considerably 
owing to accumulation of methane (which is a strong 
greenhouse gas and could maintain the warm climate) 
because pCO2 is controlled through the carbonate-
silicate geochemical cycle over millions of years 
[Walker et al., 1981]. When the release of methane 
ceased, all the methane is converted to CO2, but pCO2 



 
would have been too low to maintain the warm climate, 
resulting in the global glaciation. Hence methane re-
lease might explain not only the negative excursion of 
δ13C just before the glaciation but also the cause for the 
global glaciation [Schrag et al., 2002]. Although this 
hypothesis may be fascinating, it requires continuous 
release of methane from hydrates over >105 years (i.e., 
it should not be a single event nor several discrete 
events) and very long residence time of methane in the 
atmosphere (more than 1000 years compared with less 
than 10 years today).  

The negative excursion might be explained by sup-
pression of marine biological productivity in a stagnant 
equatorial surface ocean during the climate instability, 
or by an increase in the organic carbon weathering (see 
the previous section) or dissociation of methane hy-
drate at the last stage of cooling with an increase in 
marine biological productivity (this is required in order 
to remove an extra light carbon isotope from the sur-
face water). In these cases, the negative excursion may 
reflect the drop in δ13C of the surface water, and the 
timescale should be rather short (< 104 years). Unfor-
tunately, because the detailed timescale for the 
negative excursion before the glaciation has not been 
certain so far, it may still be a matter of debate. 

 
4. CONCLUSION 

 
The carbon cycle and the climate change during the 

Neoproterozoic are estimated from the improved car-
bon isotope mass balance model combined with the 1-
D EBM and from the δ13C data. In general, the organic 
carbon burial rate (FB

O) is high and the carbonate pre-
cipitation rate (FB

C) is low during the Neoproterozoic. 
However, FB

O increases and FB
C decreases before the 

glaciations, and FB
O decreases and FB

C increases after 
the glaciations. Because FB

C should be equal to the 
cation supply rate due to chemical weathering, the 
weathering rates, hence T and pCO2 are also generally 
low, but decrease before the glaciations and increase 
after the glaciations.  However, when present values of 
the CO2 degassing rate (FD) and the weathering rate of 
organic carbon are assumed in the model, the climate is 
too warm to initiate glaciations. In order to cause 
global glaciations, FD should be low (< 1/4-1/2 times 
the present rate) at the time of the positive excursions 
of δ13C. 
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FIGURE CAPTIONS 

 
Figure 1. Variations of carbon isotopic composition of sea-
water (data from Hayes et al. [1999]). Positive and negative 
excursions of δ13C may correlate with glaciations 
(represented by triangles) [e.g., Kaufman et al., 1997; 
Hoffman et al., 1998a] during the Neoproterozoic. 

 
Figure 2. (a) Variation of latitudinal distribution of surface 
temperature due to decrease in pCO2. The results obtained 
from the 1-D EBM with standard parameters' values (ice 
albedo = 0.62 and land/ocean albedo = 0.3, and diffusion 
coefficient for latitudinal heat transport of 0.455 Wm-2 K-1). 
(b) Variation of silicate weathering rate (normalized to the 
present rate of 6.65 x 1012 mol/year [Berner, 1994]) due to 
decrease in pCO2 (PAL= present atmospheric level). Solid 
lines represent stable solutions (ice-free and partially ice-
covered), and dotted lines represent unstable solutions. The 
effective solar constant Seff is 1 at present and 0.94 for the 
Neoproterozoic. 

 
Figure 3. Variations of (a) organic carbon burial rate and (b) 
carbonate precipitation rate during the Neoproterozoic. Solid 
curves represent the Case I (high resolution δ13Ca data set by 
Hayes et al. [1999] with the formulation of ∆ by Kump and 
Arthur [1999]). Dashed curves represent the Case II (low 
resolution δ13Ca and δ13Cg data sets by Hayes et al. [1999]). 
Dotted curves represent the Case III (the simple carbon 
isotope mass balance model with low resolution δ13Ca and 
δ13Cg data sets by Hayes et al. [1999]).  

 
Figure 4. Variations of chemical weathering rate normalized 
to the present rate (= fB x fE) during the Neoproterozoic for 
the Cases I (solid curves), II (dashed curves), and III (dotted 
curves). 

 
Figure 5. Variations of (a) CO2 level (in PAL) and (b) 
globally-averaged surface temperature during the 
Neoproterozoic for the Cases I (solid curves) and II (dashed 
curves).  
Figure 6. Variations of the globally-averaged surface 
temperature during the Neoproterozoic for the case of low 
CO2 degassing rate (= 1.7 x 1012 mol/year, < 1/4 of the 
present rate) with high resolution δ13Ca data set by Hayes et 
al. [1999] and the formulation of ∆ by Kump and Arthur 
[1999].  
Figure 7. Conditions of the carbon fluxes required for 
causing global glaciation at the positive excursion of δ13C. 
Each figure represents the peak value of the positive 
excursion (in ‰). Global glaciation may be caused when the 
CO2 flux conditions are in the left side of each line. These 
results are obtained from solving the equations (6)-(8) 
analytically (∆ is assumed here to be 25 ‰) and from the 
standard result of the 1-D EBM. 
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Figure 2 (Tajika)
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Figure 3 (Tajika)

0

2

4

6

8

10
O

rg
an

ic
 C

ar
bo

n 
B

ur
ia

l R
at

e
F B

O
(1

012
m

ol
/y

ea
r)

(a)

800    750    700     650    600    550
Time (Ma)

0

10

20

30

40

C
ar

bo
na

te
 P

re
ci

pi
ta

tio
n 

R
at

e
F B

C
(1

012
m

ol
/y

ea
r)

(b)



Figure 4 (Tajika)

800 750    700     650    600    550
Time (Ma)

0

0.5

1.0

1.5

2.0

N
or

m
al

iz
ed

 W
ea

th
er

in
g 

R
at

e



Figure 5 (Tajika)
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Figure 6 (Tajika)

G
lo

ba
lly

-A
ve

ra
ge

d 
Te

m
pe

ra
tu

re
(o C

)

800 750    700    650    600   550
Time (Ma)

-10

0

10

20

30



Figure 7 (Tajika)
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